Laboratory studies on deformation of olivine in response to applied stress suggest two distinct deformation mechanisms in the earth's upper mantle: diffusion creep through diffusion of atoms along grain boundaries and dislocation creep by slipping along crystallographic glide planes. Each mechanism has very different and important consequences on the dynamical evolution of the mantle and the development of mantle fabric. Due to the lack of in situ observations, it is unclear which deformation mechanism dominates in the upper mantle, although observed seismic anisotropy in the upper mantle suggests the presence of dislocation creep. We examined the thermo-mechanical erosion of the lithosphere by thermal boundary layer instabilities in 3-D dynamical models. This study demonstrates that the seismically derived thermal structure of the Pacific lithosphere and upper mantle imposes an important constraint on the upper mantle deformation mechanism. The predominant deformation mechanism in the upper mantle is dislocation creep, consistent with observed seismic anisotropy. The acceptable activation energy range of 360-540 kJ/mol is consistent with, although at the lower end of, those determined from laboratory studies. D
Introduction
In the last 30 yr, significant progress has been made in determining deformational properties (i.e., rheology) of olivine under laboratory conditions. In particular, with increasing accuracy, experimental studies have determined rheological activation parameters (e.g., activation energy) for wet and dry olivine undergoing diffusion creep and dislocation creep-the two most important deformation mechanisms in the mantle [1] [2] [3] . It is important to test the experimental results against in situ mantle processes because the experiments are performed under conditions (e.g., strain rate) that are dramatically different from those in the mantle. It is critically important to test which deformation mechanism is predominant in the mantle, given the significance of implications of the mechanism of deformation for the structure and dynamics of the mantle [4] . Post-glacial rebound (PGR) studies reveal that the average mantle viscosity for the top 1200 km of the mantle is about 10 21 Pa s [5] . However, because of limited resolution, PGR studies cannot distinguish dislocation from diffusion creep mechanisms [1, 6] . Other observational constraints on mantle viscosity such as long-wavelength geoid anomalies [7] suffer similar limitations. Only observations of seismic anisotropy in the upper mantle [8, 9] , if caused by lattice preferred orientation (LPO), suggest the upper mantle being dominated by dislocation creep [1] . Maybe mantle melts and shape-preferred orientation of mantle minerals may also induce anisotropy [1] , although these mechanisms are not very likely to cause the globally observed anisotropy.
By contrasting geodynamical models of sub-lithospheric boundary layer instabilities with recent results from seismic tomography of the Pacific upper mantle, this study provides new evidence that the upper mantle is dominated by dislocation creep with an activation energy that is consistent with laboratory values. The thermal structure of the Pacific lithosphere and upper mantle (Fig. 1 ) is deduced from a 3-D seismological model [10] that has been constructed from a large set of broadband surface wave group [11] and phase [12, 13] speed dispersion measurements using a two-step inversion procedure. First, diffraction tomo- Fig. 1 . Seismic results from [10] . a) Apparent thermal age t a estimated with the seismic inversion (see text for definition of t a .) b) Difference between lithospheric age t l and t a . c) The t a -distribution for given t l , collected in 5-Ma age bins. Vertical bars represent standard deviations in age bins from the seismic results. graphy of [14] was used to construct dispersion maps at periods ranging from 18 to 200 s for group speeds and from 40 to 150 s for phase speeds. This was followed by application of the Monte-Carlo method of Shapiro and Ritzwoller [15] based on a thermal parameterization of upper mantle structure [16] to invert the regionalized dispersion curves for the shear wave speed of the crust and the uppermost mantle on a 28 Â 28 grid. A striking feature of the seismic model is that the Pacific lithosphere older than about 70 Ma is significantly hotter than that predicted for a conductively cooling model [17] and that the deviation can be largely explained as a function of lithospheric age t l . Lithospheric thermal structure is quantified as an bapparent thermal ageQ t a [10] , which is defined as the lithospheric age at which a purely conductive temperature profile would most closely resemble the observed thermal structure. Comparing apparent thermal age t a with lithospheric age t l reveals that (1) t a approximates t l for lithosphere younger than about 70 Ma, (2) t a remains largely unchanged for t l ranging between 70 and 100 Ma, and (3) t a increases steadily with t l for older lithosphere up to 140 Ma (Fig. 1c) .
This thermal structure of the Pacific uppermost mantle suggests a period of lithospheric reheating between 70 and 100 Ma and possibly another one after 140 Ma. Physical processes to explain such reheating include both shallow and deep origins. Thermal boundary layer instabilities (TBI) could erode the deeper parts of the lithosphere, as suggested previously on the basis of sea floor topography, gravity and heat flow [18] [19] [20] [21] [22] . Although TBI could be triggered by the impingement of mantle plumes [23] , the clear age-dependence of the seismic results prompts us to focus on shallower processes-namely, spontaneous TBI [18, 24] .
Significant progress in the understanding of TBI with realistic mantle rheology has been achieved in the last decade through both laboratory and numerical studies [24] [25] [26] [27] [28] [29] [30] , which can be summarized as follows. As the lithosphere cools and thickens with time, the bottom part of the lithosphere becomes gravitationally unstable and is eroded by the TBI. The degree of such erosion is determined by the activation energy E*. Decreasing E* increases the portion of the lithosphere that is eroded and enhances lithospheric reheating. This is because a smaller E* leads to a smaller increase in lithospheric viscosity with decreasing temperature and only the portion of lithosphere with viscosity that is less than a factor of 10 larger than the underlying mantle can participate in the TBI and be eroded [24] .
In this study, we formulate 3-D mantle convection models with realistic rheology and plate motion to investigate the effects of mantle rheology on the TBI and consequences of the TBI to the lithosphere and upper mantle thermal structure. By comparing with the seismically inferred thermal structure (Fig. 1) , we place constraints on mantle rheological properties including the deformation mechanism and activation parameters. We first present the formulation of the convection model and then show how the geodynamic results compare with the seismic model.
The convection model
Most numerical studies of convection have been performed in 2-D with diffusion creep deformation (i.e., Newtonian rheology) and no plate motion. To quantify the effects of thermo-mechanical erosion and compare with seismic observations, we formulate a 3-D Cartesian model of mantle convection with the finite element code Citcom [31, 32] , extended for non-linear (i.e., stress-or strain-rate dependent) rheology. We treat the mantle as an incompressible Boussinesq fluid, for which the non-dimensional governing equations are given as [33] :
where u describes the material velocity, P the pressure, g the viscosity, T the temperature, and e z the unit vector in the depth direction. The Rayleigh number Ra is defined as
with a, q 0 , g, DT, h, j, and g 0 being the thermal expansion coefficient, density at unit (non-dimen-sional) temperature, gravitational acceleration, temperature difference between the top and bottom of the model, height of the model domain, thermal diffusivity, and reference mantle viscosity, respectively. Although dependence of physical parameters such as a on temperature and depth is relevant for large-scale convection [34] , the TBI considered here mainly deals with local situations in which variations in pressure and temperature are minor, which allows us to use the Boussinesq approximations, in which all thermodynamic variables are assumed constant, except for q in the driving force term. Table 1 describes the dimensional values used in this study. A similar definition is used here for the effective Rayleigh number Ra eff , which uses the effective viscosity in the upper mantle g eff instead of g 0 . We used the following non-dimensionalization: length x = xVh, time t = tVh 2 / j, viscosity g = gVg 0 , and temperature T = T VDT.
The model is adapted for the use of both dislocation and diffusion creep deformation mechanisms. For either deformation mechanism, we may use a powerlaw Arrhenius rheologẏ
whereė e, r, R, T abs , A, and n are the second invariant of strain rate, second invariant of stress, gas constant, absolute temperature, rheology prefactor and exponent, respectively. E* represents the activation energy and the prefactor A is chosen such that the g eff = r /ė e = g 0 for the inflow velocity profile at non-dimensional unit temperature. The exponent n is taken to be 1 and 3.5 for diffusion and dislocation creep, respectively. Nonlinear rheology implementation is benchmarked against results by Christensen [4] . We solve for the flow and temperature of the oceanic upper mantle down to 670 km depth with an imposed 8.6 cm/yr surface plate motion (Fig. 2) . Horizontal dimensions are 14,000 by 2000 km. Flowthrough boundary conditions enable inflow of young lithosphere through one side boundary and exiting of old oceanic lithosphere through the opposite side [35] . The temperature at inflow is derived from a half-space cooling model for a 5-Ma old lithosphere. The remaining side boundaries are reflecting. At the top and bottom boundary we impose impermeable no-slip boundary conditions with imposed non-dimensional temperatures of 0 and 1, respectively. This model simulates the cooling of a moving lithosphere and the resulting TBI for prescribed rheological conditions [35] . The model is divided vertically into two rheologically distinct layers: a 410 km thick upper mantle layer where either diffusion or dislocation creep is used and a bottom layer (i.e., transition zone) with diffusion creep. We choose upper mantle viscosity so that the onset of TBI is at approximately 70 Ma [28] , consistent with the seismic results [10] , and a transition zone viscosity higher by about a factor of up to 50 [7] . The models are time-dependent and we present model results after a statistical steady state is reached.
Results of convection models compared with the seismic model
We first present a model in which dislocation creep is the dominant mechanism with n = 3.5 in the upper mantle to elucidate the effects of the TBI on the thermal and rheological states of the upper mantle and lithosphere (Fig. 3) . Rheological parameters for each of the performed model calculations are summarized in Table 2 . For this first model, E* = 360 kJ/mol and the TBI starts when the lithosphere reaches an age of about 70 Ma or at a distance of about 6000 km from the mid-ocean ridge (MOR). The average effective viscosity in the asthenosphere is 1.5 Â 10 19 Pa s.
The convective structure has a tendency to align with the plate motion, but significant variations exist in directions both perpendicular and parallel to plate motion, particularly at large depths (Fig. 3a-c) . At the onset of the TBI, the typical wavelength of structure parallel to plate motion is around 200 km. The wavelength becomes more variable and irregular at larger distances from the MOR, implying significant re-organization of the structure. This structure is sig- A 1 (n 1 ) and A 2 (n 2 ) refer to A (n) in Eq. (5) shallower and deeper than 410 km depth, respectively. g asth represents the asthenospheric viscosity, defined as the minimum value of the horizontally averaged effective viscosity.
nificantly different from the roll structure reported in early laboratory studies of plate-driven instabilities for fluids with relatively uniform properties [36] . The TBI leads to erosion of lithospheric material and an increase in lithospheric temperature (Fig. 3a-c) . Consequently, after the onset of TBI, the lithosphere thickens less rapidly or sometimes thins with age. For this model, the 1250 8C-isotherm (as a representative temperature for the bottom of the lithosphere) is lifted up on average by about 15 to 20 km. After this first phase of instability, the lithosphere thickens again, but a difference in thickness with the bundisturbedQ lithosphere remains.
In addition, we performed calculations with a linear (i.e. Newtonian, n = 1) upper mantle rheology. Fig.  4a shows results for an activation energy of 360 kJ/ mol; i.e., similar to the case in Fig. 3 . TBI in this case shows a more regular roll pattern. The thermal erosion in this case is much smaller: the 1250 8C-isotherm does not show any substantial uplift. Decreasing E* to 120 kJ/mol (Fig. 4b) enhances thermal erosion. However, the 1250 8C-isotherm is not uplifted as much and the TBI is not as vigorous, compared to the nonNewtonian case (Fig. 3) . The difference in thermal erosion between the n = 1 and n = 3.5 cases is due to the feedback of the convection into the effective viscosity: at the onset of TBI, the increased deformation rate reduces the effective viscosity due to the nonlinear mantle rheology (Fig. 3d) , which in turn further enhances the instability. This feedback mechanism creates a convective bavalancheQ. During this convective episode, the lithosphere is substantially thinned. For the Newtonian rheology, such a feedback mechanism is absent and the thermal erosion is a more continuous process. This also explains the continuous roll structures in the n = 1 cases (Fig. 4) versus the more irregular convective pattern in the n = 3.5 case (Fig. 3) .
We performed calculations for different values of the activation energy E* for both diffusion creep (n = 1) and dislocation creep (n = 3.5) for the upper mantle ( Table 2 ). All cases display similar dynamics for the TBI. The main difference between cases with different E* is that reducing E* increases the thermomechanical erosion of the lithosphere. This is consistent with the suggestion that E* controls temperature anomalies associated with the TBI [24] .
To compare these models with each other and with the seismic results we estimate the apparent thermal age t a at a given lithospheric age t l or distance to the middle ocean ridge: an averaged temperature is calculated over all lithosphere of given t l in the top 150 km and over a specified period of time after a statistical steady state is reached. The t a is the age that gives the same average temperature from a half-space conductive cooling model [17] . For the case with n = 3.5 and E* = 360 kJ/mol, the estimated t a (Fig.  5) clearly reflects the lithospheric thickness variations: it closely follows lithospheric age t l until TBI occurs but is reduced during the first phase of TBI before it starts to increase again after about 10 Ma. The t a remains smaller than t l by about 25 Ma after an age of 75 Ma. By comparison with other numerical simulations, it is clear that the difference t l À t a is a function of E* with lower E* resulting in larger discrepancy between lithospheric and apparent thermal ages (t l À t a ).
The different convective behavior between the diffusion and dislocation creep cases is also apparent in the thermal age plot: changes in t a are more gentle for the n = 1 case than for the n = 3.5 case and, for given E*, n = 3.5 leads to a larger t a deviation from t l . This increasing deviation of t a from t l around 70 Ma and the subsequent nearly constant deviation for older lithosphere closely resemble the average seismic thermal structures (Fig. 5 ) and strongly suggest that the TBI is the mechanism that is responsible for the seismic observations. These results suggest that the seismically derived thermal structure for the Pacific upper mantle can be explained with models with n = 1 and E* = 120 kJ/mol or n = 3.5 and E* between 360 and 540 kJ/mol.
Discussion and conclusions
We have formulated 3-D numerical models of mantle convection to examine the dynamics of the thermal boundary layer instabilities (TBI) and their influences on lithospheric thermal structure. We demonstrate that the Pacific upper mantle and lithospheric seismic structure [10] can be explained with the TBI with either diffusion creep with E* c 120 kJ/ mol or dislocation creep with E* c 360 to 540 kJ/ mol. Estimates of E* for diffusion creep from experimental studies for olivine aggregates are 375 kJ/mol with 20% uncertainty [3, 37] , while E* for dislocation creep is estimated to be 470 and 510 kJ/mol (with 10% uncertainty) for wet and dry conditions, respectively [2, 38] . While the experimental estimates of E* for diffusion creep are much higher than our best fit value of 120 kJ/mol for diffusion creep, for dislocation creep the acceptable range of E* up to 540 kJ/mol is consistent with laboratory values. This suggests that deformation in the upper mantle beneath the Pacific is accomplished predominantly by dislocation creep and not by diffusion creep.
For the model calculations described above, we used a rheologically layered mantle: diffusion or dislocation creep in the upper mantle down to 410 km depth and a diffusion creep btransition zoneQ between 410 and 670 km depth with a Dg c 50 times higher effective viscosity. Such an effective viscosity profile corresponds well with recent estimates of a transition zone viscosity on the order of 10 21 Pa s. However, TBI is a local process, which takes place on a scale much smaller than the size of lithospheric plates or the depth extent of the (upper) mantle. It should therefore be relatively insensitive to the circumstances at large lateral distances from the TBI or to deeper mantle conditions. To test the influence of Dg on the t a results, we performed a calculation with n = 1 and E* = 120 kJ/mol with a much smaller Dg = 5. Fig. 5 shows that values for t l À t a are slightly larger in this case. Compared to the case with Dg = 50, although the TBI pattern is similar, the reduced Dg allows cold eroded material to sink and penetrate into the transition zone more easily and results in a slightly higher temperature in the upper mantle, thus affecting t a . However, because the difference in t a from calculations with different Dg is sufficiently small, we conclude that TBI is largely insensitive to the transition zone viscosity. If E* in Eq. (5) would be replaced by H* = E* + pV*, where a non-zero activation volume V* would give a depth dependence of the total activation enthalpy H*, the effective viscosity would increase with depth due to dependence on the pressure p. This would reduce the depth extent of the asthenosphere. In the case where this depth extent becomes comparable to or smaller than the lateral size of the TBI (i.e. around 200 km), convection might be hampered due to vertical dlack of spaceT. This was also found by Huang et al. [28] . In that case, a higher Rayleigh number Ra might be necessary to enable TBI, but again the effect on the t a is expected to remain limited. The rheological parameters in each of the model calculations (Table 2 ) and effective viscosity can be compared to laboratory predictions, such as those from Karato and Wu [1] . Comparing rheological Avalues is only useful, if the other rheological parameters (E* and n) are the same. Therefore, in our set of calculations, only the A values of calculation 2 ( Table 2) can be compared to the dry dislocation creep values from Karato and Wu [1] . For this case, our applied A = 1.33 Â 10 À 14 is about 50 times larger than the laboratory value. The imposed relative plate velocity in our calculation suggests a dconstant strainrateT calculation rather than a dconstant stressT calculation (i.e. if the rheology is changed, mostly the stress changes and less so the strainrate). Eq. (5) then suggests that our effective viscosity
is about a factor of three smaller than the laboratory dry dislocation creep value. This suggests that the oceanic upper mantle is not completely dry but is affected by some hydrous weakening. A more flexible and qualitative comparison can be made between all model calculations and the minimum effective viscosities in [1, Fig. 2 ]. Although in our case viscosity increase with depth is controlled by a jump in viscosity at 410 km depth instead of a non-zero activation volume, the asthenospheric viscosity, defined as the minimum effective viscosity (see Table 2 , g asth ) can still be compared. In most model runs, our asthenospheric viscosity seems to fall in between the dry and wet Karato-and-Wu values. As a result of the small-scale convection below older lithosphere, the underlying mantle is cooled by about 100 K by the downwellings. Such cooling is observed in earlier studies [24, 39, 40] , although adding internal heating to the model might reduce or even completely compensate for this cooling [40] . This cooling increases the local viscosity, which delays the formation of TBI, but the amount of erosion by TBI is not significantly affected, as discussed above on the basis of two cases with different rates of accumulation of cold downwellings in the upper mantle due to different Dg values. Even though our model does not provide strong constraints on the amount of mantle cooling due to TBI, it would still be interesting to see if seismic studies indicate such cooling. Although asthenospheric temperatures can be constrained by observing variations in seismic speeds and attenuation [41] or in depths of 400-and 660-km discontinuities [42] , the lateral resolution of present-day seismic models in the relevant depth range (200-400 km) remains poor. Future improvement of upper mantle tomography, perhaps by adding more surface-wave overtone data, may resolve this issue.
In addition to explaining the Pacific upper mantle and lithospheric seismic structure, these models of the TBI have other important implications. 1) The dominant deformation mechanism in the upper mantle is dislocation creep, suggesting an LPO-origin for seismic anisotropy and providing further evidence for a relationship between seismic anisotropy and mantle flow and deformation [43] . 2) By reheating the oceanic lithosphere, the TBI process may significantly affect the thermo-mechanical structure of the lithosphere. This may lead to increased heat flux and decreased topographic subsidence (i.e., topographic attening) at relatively old sea floor, compared to the purely conductive cooling model predictions [18] . Although O'Connell and Hager [39] and Davies [44] suggested that by enhancing the cooling of the mantle the TBI may lead to deepened sea floor topography, Huang and Zhong [40] recently demonstrated using mantle convection models with a reasonable internal heating rate that the TBI produces topographic flattening at the surface, supporting the original suggestion by Parsons and McKenzie [18] .
3) The TBI provides an explanation for seismically observed small-scale structures (i.e., smaller than the plate scale) in the upper mantle [45] . We also found that the TBI structure in the upper mantle from nonNewtonian rheology is rather irregular and is significantly different from the roll structure reported in early studies with uniform viscosity structure [36] . Higher-resolution seismic studies that map smallscale upper mantle structures will help further constrain the mantle dynamics and rheology. 4) For certain geodynamic problems non-Newtonian rheology may be approximated with Newtonian rheology but with much reduced activation energy, similar to what Christensen [4] proposed. Our results demonstrate that this simplification is to the first order valid for the thermo-mechanical erosion of lithosphere. Based on modeling exural rigidity observations at seamounts and oceanic islands with Newtonian rheology for the mantle lithosphere [46] , activation energy was inferred to be 120 kJ/mol for the upper mantle, which is consistent with the current study.
